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Abstract In order to understand the ocean’s role as a sink for anthropogenic carbon dioxide (CO2), it is
important to quantify changes in the amount of anthropogenic CO2 stored in the ocean interior over time.
From August to September 2012, an ocean acidiﬁcation cruise was conducted along a portion of the P17N
transect (508N 1508W to 33.58N 1358W) in the Northeast Paciﬁc. These measurements are compared with
data from the previous occupation of this transect in 2001 to estimate the change in the anthropogenic
CO2 inventory in the Northeast Paciﬁc using an extended multiple linear regression (eMLR) approach.
Maximum increases in the surface waters were 11 mmol kg21 over 11 years near 508N. Here, the penetration
depth of anthropogenic CO2 only reached 300 m depth, whereas at 33.58N, penetration depth reached
600 m. The average increase of the depth-integrated anthropogenic carbon inventory was 0.416 0.12 mol
m22 yr21 across the transect. Lower values down to 0.20 mol m22 yr21 were observed in the northern part
of the transect near 508N and increased up to 0.55 mol m22 yr21 toward 33.58N. This increase in
anthropogenic carbon in the upper ocean resulted in an average pH decrease of 0.0026 0.0003 pH units yr21
and a 1.86 0.4 m yr21 shoaling rate of the aragonite saturation horizon. An average increase in apparent oxygen
utilization of 13.46 15.5 mmol kg21 centered on isopycnal surface 26.6 kg m23 from 2001 to 2012 was also
observed.
1. Introduction
The ocean plays a signiﬁcant role in regulating Earth’s carbon cycle by absorbing about one-quarter to one-
third of the total anthropogenic carbon dioxide (CO2) released into the atmosphere by fossil fuel burning
and land use changes [Le Quere et al., 2010; Sabine et al., 2004]. Global surface ocean pCO2 increases at a
similar rate as atmospheric CO2 at 2 ppm yr21 based on long-term time series observations at various
locations in the ocean [Bates et al., 2014; Takahashi et al., 2009]. Yet, on local scales, physical, chemical, and
biological processes can lead to variability in surface water CO2 levels, causing disequilibrium of CO2
between the surface ocean and the atmosphere.
As the oceanic storage capacity potentially slows down due to the increase of temperature and decrease of
buffer capacity [Levitus et al., 2005; Sabine et al., 2004], it becomes increasingly important to characterize
and quantify the ocean’s ability to absorb and store anthropogenic carbon dioxide (Canthro). However, mak-
ing estimates of Canthro is inherently difﬁcult because it cannot be directly measured. The anthropogenic sig-
nal is relatively small compared to the large natural background and variability of the marine inorganic
carbon system. In the 1990s, the World Ocean Circulation Experiment Hydrographic Program (WOCE/WHP)
and Joint Global Ocean Flux Study (JGOFS) began conducting extensive surveys with high quality, seawater
carbonate system measurements. Subsequently, the Climate Variability and Predictability Program (CLIVAR)
Repeat Hydrography/CO2 Program (http://ushydro.ucsd.edu/) and Global Ocean Ship-Based Hydrographic
Investigations Program (GO-SHIP; http://www.go-ship.org) began reoccupying several of the WOCE hydro-
graphic lines [Talley et al., 2016]. These observations target direct assessments of Canthro uptake and storage
in the ocean, which allow us to examine the changing role of the ocean in the global carbon cycle under cli-
mate change.
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Despite being the largest ocean basin, the Paciﬁc only stores about 18% of the global ocean inventory of
anthropogenic CO2 (Canthro) [Feely et al., 2001]. The Paciﬁc Ocean covers almost half of the total ocean area
and therefore has the potential to experience signiﬁcant changes in carbon cycling as climate continues to
change. The Northeast Paciﬁc, located at the end of the ocean meridional overturning circulation, is a region
with particularly low concentrations of Canthro. Both the lack of signiﬁcant deep-water formation and slow
meridional circulation limit the transport Canthro into the ocean interior [Reid, 1997; Sabine et al., 2002; Stuiver
et al., 1983]. As a result, the Paciﬁc generally has much shallower Canthro penetration and lower Canthro storage
compared to the Atlantic. In the North Atlantic, deep water formation and relatively fast ventilation allows
anthropogenic CO2 to almost reach the bottom (5000 m) [Gruber et al., 1996; K€ortzinger et al., 1999;Wannink-
hof and McGillis, 1999].
Several categories of methods are used to estimate Canthro, including back calculation methods to estimate
DC* [Brewer, 1978; Chen and Millero, 1979; Gruber et al., 1996], tracer-based methods [Hall et al., 2004; Waugh
et al., 2006], and model-based approaches [Khatiwala et al., 2009; Pardo et al., 2014]. The various advantages
and disadvantages to these methods are discussed in Sabine and Tanhua [2010]. In this paper, we use the
extended multiple linear regression (eMLR) approach [Friis et al., 2005, Tanhua et al., 2007] to estimate the
change in Canthro between two data sets collected along the CLIVAR P17N transect in the Northeast Paciﬁc.
The eMLR method is well-suited to estimate changes in Canthro for reoccupation of cruise transects over dec-
adal scales, assuming that the relationships between the chosen regression parameters do not change sub-
stantially for the time period over which the eMLR is applied. An advantage of the eMLR method is that it
does not require any assumptions of preindustrial concentrations. Recent studies in the South Paciﬁc and
Paciﬁc sector of the Southern Ocean use the eMLR technique [Waters et al., 2011; Williams et al., 2015], but
few studies have made DIC data-based estimates of the change in Canthro storage in the Northeast Paciﬁc
with the exceptions of Peng et al. [2003] at 30oN, 152oW from 1973 to 1991 and Sabine et al. [2008] at P16N
from 1991/1992 to 2006, from 200 to 1600 km west of the P17 transect.
The Northeast Paciﬁc waters have naturally high dissolved inorganic carbon (DIC) concentrations, low pH,
low buffering capacity, and a relatively shallow aragonite saturation horizon compared to other ocean
basins. Even though this region does not currently hold a large amount of Canthro, the system is already
close to calcium carbonate undersaturation, which may have signiﬁcant biological and ecological conse-
quences. Therefore, studying how Canthro storage changes in the Northeast Paciﬁc is as important as under-
standing uptake in higher storage areas such as the North Atlantic. In this paper, we report the results from
a 2012 cruise along a northern segment of the WOCE/CLIVAR P17 transect in the Northeast Paciﬁc and eval-
uate changes in Canthro and the carbonate system from 2001 to 2012. This is the ﬁrst estimate of Canthro
using direct DIC measurements in the Northeast Paciﬁc. We compare the decadal changes in Canthro and
carbonate chemistry at P17 with other Paciﬁc regions and other ocean basins, and examine the correspond-
ing mechanisms that may cause observed within-basin and between-basin differences. The storage rate
estimate made from this study should be incorporated into the global inventory of Canthro storage rate data
to allow for further analysis of the uptake capacity of the ocean and its role in the global carbon cycle.
2. Data and Methods
2.1. Data Collection and Sample Analysis
Data were collected during a research cruise aboard the R/V New Horizon (cruise number NH1208) from 9
August to 18 September 2012 along a northern portion (33.5 – 508N) of the WOCE/CLIVAR P17N cruise track
(Figure 1). This cruise was part of a broader effort designed to investigate how the carbonate chemistry in
the Atlantic and Paciﬁc Oceans affects the abundance, distribution, species composition, shell condition
and vertical migratory behavior of thecosomatous pteropods. Stations were at every 0.58 latitude and 0.88
longitude from 508N 1508W to 418N 1358W and every 0.58 latitude along 1358W from 418N to 33.5oN. Deep
station casts were conducted every 28 latitude from 50 to 438N, 1.58 latitude from 43 to 35.5oN and 18 lati-
tude for the remaining stations. Sampling depths were chosen to match similar water column coverage
from previous WOCE/CLIVAR cruises. Vertical sample spacing ranged from 20 m near the surface to 250 m
below 1000 m.
A 24 position, 10 L bottle Rosette Niskin package equipped with a Conductivity-Temperature-Depth sensor
(CTD, Seabird SBE 911plus) and a SBE43 dissolved oxygen (DO) sensor was used to collect discrete seawater
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samples for analysis of total dissolved
inorganic carbon (DIC), total alkalinity
(TA), pH, DO, nutrients (nitrate, phos-
phate, and silicate), and salinity. Sea-
water samples were collected for pH,
DIC, TA, and nutrients at all 34 stations
for all sampling depths. Salinity and
DO samples were collected at all sta-
tions at every third depth for calibra-
tions of the conductivity and DO
sensors on the CTD Rosette. Samples
for DO were collected ﬁrst from the
Niskin bottles, followed by pH, DIC/TA
(in the same bottle), nutrients, and
salinity. Standard protocols were fol-
lowed for sampling procedures
[Dickson et al., 2007]. DIC and TA sam-
ples were collected into 250 ml Pyrex
borosilicate bottles after being ﬁltered
with a 0.45 mm in-line capsule ﬁlter
(Farrwest Environmental Supply,
Texas). Each sample was poisoned with 100 mL of a saturated mercuric chloride solution for preservation
[Dickson et al., 2007] and sealed with a ground-glass stopper coated with APIEZONVR -L grease and was
secured with a rubber band applied to the bottle top.
DIC was analyzed using an Apollo SciTech DIC auto-analyzer (Model AS-C3), which uses a nondispersive
infrared (NDIR) method. The sample is acidiﬁed with a 10% phosphoric acid in 10% sodium chloride
solution, and CO2 is purged with high purity nitrogen gas and measured by a LI-COR 7000 infrared ana-
lyzer. Certiﬁed Reference Material (CRM) from Dr. A. Dickson at Scripps Institution of Oceanography was
used to calibrate the DIC auto-analyzer at least once daily. In addition, CRM was measured as a sample
every few hours to gauge and correct any potential drift. The precision and accuracy of the instrument
was  62.0 mmol kg21. The average absolute difference of duplicates was 5.46 4.5 mmol kg21 (N529).
The larger standard deviation of duplicates may be a result of sampling, storage, or other sources of
error.
TA was measured with an Apollo SciTech alkalinity auto-titrator (Model AS-ALK2), a Ross combination pH
electrode and a pH meter (ORION 3 Star) to perform a modiﬁed Gran titration [Wang and Cai, 2004]. The
electrode and concentration of hydrochloric acid was calibrated every day. The CRMs were also measured
as samples every few hours to correct any potential small drift. The average absolute difference of duplicate
samples was 2.76 2.1 mmol kg21 (N528), which is similar to the accuracy and precision of the instrument,
about6 2.0 mmol kg21.
Seawater pH samples were collected directly into 10 cm cylindrical optical cells via silicone tubing and ther-
mostated to 25.06 0.18C for at least an hour before measurement. Samples were analyzed using an Agilent
8453 UV-VIS spectrophotometer and meta-cresol purple (m-CP) as the indicator [Dickson et al., 2007]. Sam-
ple pH was measured on the total scale. Measurements of pH were corrected for indicator perturbation and
indicator impurity [Clayton and Byrne, 1993; Dickson et al., 2007; Liu et al., 2011; Yao et al., 2007]. The average
of combined corrections was 0.00266 0.0046. The average absolute difference of duplicates (N528) was
0.00146 0.0010, which is similar to the instrument accuracy and precision of 0.002 and 0.001, respectively.
The nutrient samples were ﬁltered through 0.2 mm ﬁlters, collected into vials that had been cleaned with
10% hydrochloric acid and were immediately frozen after collection. Samples were analyzed at the Univer-
sity of California at Santa Barbara Marine Science Institute. Nutrient data from NH1208 were found to have
relatively larger scatter than the previous P17N cruise data. This may be due to storage issues that involved
freezing and possible melting of samples. Further details regarding analysis procedures for DO and salinity
can be found in the supporting information (SI).
Figure 1. Northeast Paciﬁc study region showing the segment of the P17N
transect occupied by the present study (cruise NH1208) in 2012. For NH1208, there
were 34 water-column sampling stations; 22 (white circles) were sampled to
1000 m at 15 depths while the rest (black squares) were sampled to 3000 m at
24 depths. Color scale shows sea surface temperature from a 1 month satellite
composite of Aqua MODIS data centered at 16 August 2012.
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Bottle samples were assigned WOCE quality ﬂags. Property-property plots were also examined to check for
any aberrant data points. Samples in the near surface were allowed more variability in ﬂagging. Data below
1000 m were also compared against 2001 CLIVAR data and strong deviations were noted.
2.2. Internal Consistency
The seawater inorganic carbon system can be described by four measurable parameters: DIC, TA, pH and
fugacity of CO2 or fCO2. Any pair of carbon parameters can be used to deﬁne the remaining parameters
based on CO2 equilibrium relationships. To test for internal consistency within the measured DIC, TA, and
pH data, carbonate system parameters were calculated using the CO2SYS program by Pierrot et al. [2006]
with constants from Mehrbach et al. [1973] as reﬁt by Dickson and Millero [1987]. Crossover-corrected DIC
(details described in section 2.4), TA, and pH data were used in CO2SYS calculations to compare with meas-
ured values in order to determine offsets and outliers. In this case, DIC was calculated from measured TA
and pH to compare with measured DIC values. The mean residual (calculated – measured value) for DIC
(N5562) was 0.56 9.0 mmol kg21 (one standard deviation). There was good agreement over the entire
water column and residuals were randomly distributed, suggesting there were no signiﬁcant systematic
errors in the data. The mean difference was within required accuracies for Canthro calculation, while the vari-
ation of this data set was somewhat higher than the previous CLIVAR P17N DIC data, which had an internal
consistency for DIC of 3.26 6.6 mmol kg21. This had a limited effect on Canthro estimates, since the eMLR
method should remove most of the random scattering in the data set by comparing estimated means
[Tanhua et al., 2007; Wanninkhof et al., 2010].
2.3. Selection of Previous CLIVAR Data
The NH1208 cruise occupied a portion of the CLIVAR P17N cruise track, which was previously occupied in
25 July to 28 August 2001 by a CLIVAR cruise. For the 2001 CLIVAR cruise (data from CLIVAR and Carbon
Hydrographic Ofﬁce (CCHDO) http://cchdo.ucsd.edu/cruise/49NZ200107_1), there were 78 stations. Discrete
samples were taken for salinity, DO, nutrients, DIC, and TA. Salinity, DO, and nutrients were taken at every
station for every depth. pH, DIC, and TA samples were taken at every other station. The data from the sta-
tions that overlap in latitude for the two cruises were used to quantify the total changes of seawater chem-
istry over the decade. The overlapping sections include stations 1–32 for NH1208, corresponding to stations
28–73 for CLIVAR. CLIVAR sampled every 0.58 latitude from 33.5–418N at 1358W for 36 depths to 4000–
5000 m and then every 0.38 latitude, 0.58 longitude from 41–508N. The duplicate DIC, TA, and pH samples
were within acceptable limits for accuracy and precision. CLIVAR data were not seasonally corrected for the
eMLR analysis because of similar timings between the 2001 (July–August) and 2012 (August–September)
cruises. The CLIVAR carbonate data quality was also conﬁrmed by Certiﬁed Reference Materials [Dickson,
2001; Feely et al., 2001].
2.4. Deep Crossover Analysis
To remove biases between the 2012 and 2001 data sets, the deep isopycnal crossover analysis method
[Lamb et al., 2002] was used at the overlapping stations. This method assumes that Paciﬁc Deep Water with
a residence time of 500 years [Stuiver et al., 1983] does not experience signiﬁcant changes over decadal
timescales. Shallow depths are subject to changes due to seasonal variability of biological processes and
penetration of Canthro, which can vary the relationships between carbon parameters over different periods
of time. For the CLIVAR occupation, crossover analyses have already been conducted and adjustments have
been made according to PACIFic ocean Interior CArbon (PACIFICA) [Suzuki et al., 2013] (Table 1). PACIFICA
adjustments are recommended based on calibration procedures, CRM analyses, precision of replicates,
deep-water crossover analyses and internal consistency. Estimated accuracy after PACIFICA adjustments
was64 mmol kg21 for DIC and 66 mmol kg21 for TA.
Table 1. PACIFICA Recommended Adjustments for CLIVAR P17N 2001 Are Shown Here Along With Deep Isopycnal Crossover Results
for NH1208 2012 Cruise Adjusted to the CLIVAR 2001 PACIFICA-Corrected Dataa
Salinity Oxygen Nitrate Silicate Phosphate DIC TA
CLIVAR 2001 0 1 1 1.048 1 24 8
NH1208 2012 0 0.955 1 1.032 1.021 11 10
aSalinity, DIC, and TA factors are additive, while oxygen, nitrate, phosphate, and silicate factors are multiplicative. Units for all parame-
ters are in lmol kg21 except for salinity, which is measured on the practical salinity scale.
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To make adjustments to the NH1208 2012 cruise data, data from >2000 m were used for the crossover
analysis. It should be noted that NH1208 has fewer data points below 2000 m than CLIVAR 2001, which
might affect comparison statistics. Salinity and oxygen, along with carbonate system parameters and
nutrients were compared using potential density referenced to 3000 dbar (r3). The data from each of
the CLIVAR and NH1208 cruise occupations of this portion of P17N (2001 and 2012) were plotted
against r3 and ﬁt by a second-order polynomial (supporting information Figure S1). Only data with
acceptable quality ﬂags were used in the crossover analysis. Oxygen, silicate, phosphate, DIC, and TA
required corrections (Table 1).
2.5. Extended Multiple Linear Regression
The eMLR method is a derivative of the MLR introduced by Wallace [1995] that develops an empirical rela-
tionship to characterize DIC variability using chemical and hydrographic parameters [Friis et al., 2005]. The
original MLR method uses data sets from the same region from two different time periods and derives a
MLR for one period, usually the earlier period. Those coefﬁcients are applied to data from the later period
and then the difference between the calculated and observed DIC for the later period is taken as the
change in anthropogenic CO2 between the two time periods, DCanthro. In the eMLR method, MLRs are cre-
ated separately for two periods using the same sets of regression model variables, and the difference of the
coefﬁcients applied to data from one of the time periods, usually the later period, is used to calculate
DCanthro.
The eMLR was conducted on the water column from 100 to 1000 m depth and the entire transect as a
whole. The eMLR was only applied to data from 100 to 1000 m due to the fewer number of data points
below 1000 m for the 2012 NH1208 cruise. The top 100 m of the water column was not included in the ﬁt
to exclude apparent trends due to complex, seasonally varying surface processes in the mixed layer, such as
high biological production and air-sea exchange, which may affect eMLR results. Surface values (0–100 m)
were estimated based on the assumption that fCO2 in the surface water changes at the same rate as fCO2 in
the atmosphere [Sabine et al., 2008; Waters et al., 2011].
The eMLR was not separated by potential density bins or by latitudinal ranges due to the limited data avail-
ability caused by removing ﬂagged nutrient data as mentioned previously. Calculating MLRs by potential
density bins is useful in removing errors introduced by isopycnal heave at seasonal and decadal scales
[Doney et al., 2007; Levine et al., 2008; Wanninkhof et al., 2010]. However, our analysis did not show signiﬁ-
cantly large errors by applying one MLR to the entire transect for both years.
The coefﬁcients of the eMLR regressions on DIC for the two time periods are shown in Table 2. The best set
of parameters to characterize DIC was apparent oxygen utilization (AOU), salinity (S), potential temperature
(u), and silicate (Si). This set of parameters was chosen based on reducing the error of the ﬁt while taking
into consideration data quality. AOU, salinity, and potential temperature were tested in models with one or
a combination of nutrients. Among the nutrients, silicate was found to improve the ﬁt the most while add-
ing phosphate and/or nitrate led to minimal improvement. The RMSE of 10.0 mmol kg21 is similar to the
uncertainty in the internal consistency calculations (9.1 mmol kg21). No signiﬁcant systematic trends were
found when plotting residuals (model-observation) against potential density, latitude, and depth (support-
ing information Figure S2).
Total alkalinity was not included in the MLR because it did not signiﬁcantly improve the MLR ﬁt and
there was a co-linearity found between TA and salinity. In addition, contribution to changes in DIC due
to calcium carbonate precipitation or dissolution were negligible in that there was no signiﬁcant differ-
ence in salinity-normalized total alkalinity compared on isopycnals between the two cruises.
Table 2. Coefﬁcients Used for the DIC (lmol kg21) eMLR Analysis of 2001 CLIVAR and 2012 NH1208 Cruises
INTERCEPT
AOU
(lmol kg21)
S
(PSS-78)
u
(8C)
Si
(lmol kg21) N RMSE R2
2001 892.86 28.6 0.676 0.01 36.256 0.78 27.586 0.18 0.366 0.02 278 2.9 0.9993
2012 797.66 102.5 0.646 0.02 39.966 3.15 29.226 0.46 0.236 0.04 315 10.0 0.9922
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3. Results
3.1. Latitudinal Distribution of Geochemical Features Along P17N
The salinity and density ﬁelds show strong upper-ocean vertical stratiﬁcation in the northern part of the
transect in the subpolar gyre where colder, fresher water is dominant in the surface (Figure 2a). The transi-
tion zone between the subpolar and subtropical gyres can be deﬁned by the outcrops of isohaline 33.0 and
33.8 [Roden, 1991], which are found here at 42oN and 34oN, respectively. This indicates that the 2012 cruise
did not extend into the waters of the subtropical gyre. Depth proﬁles of salinity show only subpolar gyre
and transition zone salinity structure, with low salinity in the surface that increases with depth. Subtropical
gyre salinity depth proﬁles have high salinity in surface waters with a clear presence of the North Paciﬁc
Intermediate Water (NPIW) salinity minimum and slight increase of salinity with depth below [Talley, 1993],
neither of which are seen in Figure 2a. The potential density contours shown in Figure 2 shoal from the
southern part of the transect toward the northern part. The shallow isopycnals in the northern latitudes are
caused by wind-driven upwelling where there is outcropping of the isopycnals. It is evident that water
movement is primarily along isopycnals [Gruber et al., 1996; Iselin, 1939; Quay et al., 2007] as shown by hori-
zontal distribution patterns of all parameters in Figure 2 that generally follow the isopycnals.
AOU is mostly negative near the surface along P17N (Figure 2b), indicating oxygen supersaturation due to
summer heating and greater net community production [Broecker and Peng, 1982; Shulenberger and Reid,
1981]. In the southern part of P17N, there is an area of AOU of 250 mmol kg21 and greater between 500 and
1500 m that gradually expands to 350–2000 m at the northern part of the transect. This AOU horizon corre-
sponds to an oxygen concentration of 50 mmol kg21, used here as the upper limit deﬁnition of an oxygen
minimum zone (OMZ). A combination of weak ventilation and high oxygen utilization allows for the forma-
tion of OMZs, an area that is also accompanied by high DIC.
The vertical structure of DIC shows low concentrations in surface waters and increasing concentrations with
depth (Figure 2c). The lowest DIC values of <2000 mmol kg21 in the surface waters are partially due to ele-
vated biological productivity converting DIC into organic carbon that subsequently sinks from the upper
ocean. Surface DIC concentration is slightly higher in the colder, fresher water of the northern latitudes than
the southern part of the transect. Additionally, there is shoaling of high DIC water at depth along isopycnals
in the northern latitudes due to upwelling and outcropping of old and deep water. The middepth water in
this region is especially rich in DIC and nutrients due to the accumulation of products from remineralization.
The distribution patterns of AOU and DIC are correlated because similar processes such as circulation, air-
sea exchange, solubility, and biological activities modulate both AOU and DIC.
The ability of seawater to buffer CO2 entering the ocean can be described by the Revelle Factor
RF5 oln CO2½ olnDIC
 
[Broecker et al., 1979; Egleston et al., 2010; Revelle and Suess, 1957]. A lower RF represents a
larger buffer capacity for a parcel of water. An increase in pCO2 or DIC for a water parcel tends to increase
the parcel’s Revelle Factor and make it less able to absorb more CO2. Currently, the RF across ocean basins
varies between 9 and 15 and has increased by approximately one unit since preindustrial times [Egleston
et al., 2010; Sabine et al., 2004]. In general, the Northeast Paciﬁc region has a higher than average RF within
the mixing zone because these older waters have higher DIC and lower pH. Figure 2d shows that the sur-
face RF varied from 11 to 13, with the higher surface values found in the northern part of the transect,
where the water is the coldest and freshest. For a given increase of surface pCO2, the southern part of the
transect would absorb more CO2 and thus experience a larger increase in DIC than the northern part,
assuming other system factors remain constant.
Physical, biological, and anthropogenic changes along P17N can be examined by directly subtracting
gridded parameters of 2001 from 2012. Changes in physical processes, such as circulation and frontal
movement can cause changes in salinity, AOU, and DIC. AOU and DIC can also be inﬂuenced by ventilation
and biological processes. In addition, DIC changes can be attributed to invasion of anthropogenic CO2.
Between 2001 and 2012, changes in salinity along P17N are almost completely conﬁned to the upper
300 m (Figure 3a). A salinity increase of 0.4 units is found from 125 to 300 m from 36 to 48.5oN, with an
especially large increase up to 0.6 units in the top 50 m from 37.5 to 39.5oN. There is fresher water in the
subpolar gyre as shown by the decrease in salinity of 0.1–0.3 units near 50oN. The changes in surface salinity
along P17N agree with the overall reported surface ocean trends from 1950 to 2008, where evaporation-
dominated areas experienced salinity increases and precipitation-dominated areas experienced salinity
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Figure 2. (a–d) Latitudinal sections from the 2012 occupation of P17N for salinity, AOU, DIC, and Revelle Factor (calculated from DIC and
TA) overlaid with potential density contours. The sections are gridded on 18 by 50 m grids with Data-Interpolating Variational Analysis
(DIVA) software in Ocean Data View [Schlitzer, 2015].
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decreases [Durack and Wijffels, 2010]. Multiple studies have reported freshening in the North Paciﬁc Ocean,
primarily in the upper 100 m. The pattern differs in shallow subsurface waters. Boyer et al. [2005] and Durack
and Wijffels [2010] both ﬁnd a salinity increase in subpolar North Paciﬁc at 50oN at 150 m, which agree with
the subsurface salinity increase along P17N.
Changes in AOU are seen from the surface to 600 m. In the upper 100 m, there are mostly decreases of
10–20 mmol kg21 over the transect with a more intense area of decrease up to 40 mmol kg21 near 50oN
(Figure 3b). For 100–600 m, the overall pattern in DAOU shows an increase in concentrations from 2001 to
2012. Since the 1970s, a decrease in overturning circulation has been reported in the subpolar North Paciﬁc
[Deutsch et al., 2006; McPhaden and Zhang, 2002; Mecking et al., 2008; Sabine et al., 2008]. Reduced circula-
tion in addition to warming (data not shown) would lead to greater stratiﬁcation that would result in deoxy-
genation, an increase in AOU, and an intensiﬁcation as well as expansion of the OMZ. Most of the large
Figure 3. (a–c) Differences between repeat occupations of P17N from 2001 CLIVAR and 2012 NH1208 for salinity, AOU, and DIC overlaid
with potential density contour lines.
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AOU changes are seen between the 26 and 27 kg m23 isopycnals. This is consistent with data along the
26.6 kg m23 isopycnal, which is the densest isopycnal to outcrop in the open North Paciﬁc in climatological
data, [Mecking et al., 2008]. It is the upper-most isopycnal involved in the formation of NPIW and serves as
an interface between ventilated waters and indirectly or nonlocally ventilated deeper waters. By averaging
DAOU for isopycnals 26.55–26.65 kg m23, centered on 26.6 kg m23 (Figure 3b), the mean AOU increase
from 2001 to 2012 was was 113.46 15.5 mmol kg21. Changes in AOU and in situ O2 should be similar in
magnitude though opposite in sign because potential temperature and salinity variations are relatively
small along isopycnals [Mecking et al., 2008]. The mean deoxygenation between 2001 and 2012 calculated
from in situ dissolved O2 concentration changes was 212.86 13.9 mmol kg
21 centered on the same isopyc-
nal 26.6 kg m23 similar to calculated AOU changes. Mean DAOU and DO2 are also comparable to an
expected deoxygenation of 27.66 0.1 mmol kg21, based on the rate of 0.68–0.70 mmol kg21 yr21 found on
isopycnals 26.5 and 26.7 kg m23 reported at Ocean Station Papa (50oN, 145oW) [Falkowski et al., 2011; Whit-
ney et al., 2007].
Changes in DIC are seen throughout the whole water column. Down to 600m, DDIC patterns are similar in
sign and somewhat larger in magnitude to those of DAOU, with additional unmatched temporal differences
in DIC below 600 m. The similarities between the DDIC and DAOU distributions is expected due to reminer-
alization and circulation processes that affect the distribution of both parameters similarly, leading to co-
varying patterns between the two (Figures 3b and 3c). The difference between the DDIC and DAOU distri-
butions is likely attributed to Canthro affecting DIC but not AOU. However, it seems that the factors affecting
AOU changes account for a majority of the DIC changes, which agrees with [Sabine et al., 2008] ﬁnding that
changes in AOU account for 80% of total DIC change in the North Paciﬁc.
3.2. Distribution of Decadal Changes of Anthropogenic Carbon Dioxide Along P17N
From 2001 to 2012, across the P17N transect, DCanthro values at the surface have a range of 7 – 11 mmol kg
21
(Figure 4). Such a range is similar to an expected 13–17 mmol kg21 increase in surface water DIC based on a
growth rate of 1.366 0.16 matm yr21 in surface seawater pCO2 measured at Station P (50
oN, 145oW) [Wong
et al., 2010]. The coarse transition between the top 100 m and the rest of the water column is due to separate
Figure 4. (a) Cross-sectional plot of eMLR calculated change in anthropogenic CO2 from 2001 to 2012 along P17N with potential density
contour lines. Negative DCanthro are displayed as zero. (b) Cross-sectional plot of WOCE 1993 CFC-11 concentrations across P17.
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treatment of the surface layer as mentioned
previously. The penetration depth of DCanthro,
roughly deﬁned by the 12.5 mmol kg21 iso-
line, is at approximately 700–1000 m in the
southern part of the transect, shoaling to
approximately 400 m in the subpolar gyre at
50oN, likely reﬂecting prevailing upwelling
patterns that compress the anthropogenic
signal near the surface ocean. Because there
is no deep-water formation in the Northeast
Paciﬁc, Canthro does not penetrate into the
deep ocean in this region. In the upper ther-
mocline (300 m), DCanthro decreases equa-
torward along isopycnal surfaces, consistent
with thermocline ventilation pathways.
The distribution pattern of DCanthro can be par-
tially veriﬁed by comparison to measured
anthropogenic chloroﬂuorocarbon (CFC), tri-
chloroﬂuoromethane (CFC-11), from a previous
WOCE cruise in 1993 along P17N (Figure 4b).
The CFC data show similar patterns to the DCanthro in terms of the north-south gradients along isopycnal surfa-
ces in the upper 300 m. Vertically, CFC penetration reaches 400 m and is almost uniform with latitude, except
at the very northern part of the transect. Considering the different input histories and chemical properties
between anthropogenic CO2 and CFCs and the different time frame between Figures 4a and 4b, their difference
in distribution patterns is expected. Nevertheless, the similarity of the distribution between DCanthro and CFCs
suggests the results of the eMLR-derived DCanthro in this study are reasonable.
3.3. Change in Anthropogenic CO2 Water Column Inventory
Using Canthro surface values (0–100 m) based on the assumption of surface ocean-atmosphere equilibrium,
the average increase in DCanthro column inventory across P17N based on the eMLR analysis was
10.416 0.12 (1r) mol m22 yr21. There are at least two other methods that can be used to estimate surface
layer DCanthro, one of which is to include surface values in the eMLR [Friis et al., 2005; Wanninkhof et al.,
2010]. While we did not include the surface values in our eMLR, we applied eMLR coefﬁcients to the surface
data to estimate surface DCanthro calculated an average column inventory of 10.396 0.09 mol m
22 yr21.
Secondly, if eMLR-calculated DCanthro values at 100 m were extrapolated to the surface [Brown et al., 2010],
the column inventory would be 10.436 0.12 mol m22 yr21. Therefore, using different methods of estimat-
ing the DCanthro surface values do not signiﬁcantly affect the end result. To calculate the column inventory,
negative DCanthro values were set to zero. Depth proﬁles were interpolated using a piecewise cubic hermite
interpolation [Tanhua et al., 2007, 2010]. Then with trapezoidal integration, the column-integrated DCanthro
was calculated at each station. Stations that had insufﬁcient data (less than two depths of data) were not
included. The uncertainty reported here is the standard deviation of the average change in column inven-
tory across P17N and thus includes regional variations. The storage rate across the transect shows a general
decrease from 10.55 mol C m22 yr21 at 348N to 10.20 mol C m22 yr21 at 508N with signiﬁcant latitudinal
variability (Figure 5). As the high latitude waters experience an upwelling regime with surface divergence
and lateral transport of Canthro in the subpolar gyre, there is expected lower accumulation of Canthro near the
surface at the northern stations [Sabine et al., 2004]. The higher change in column inventory in the lower lat-
itudes transitioning toward the subtropical surface waters, similarly, is consistent with a convergent,
downwelling regime where anthropogenic carbon and CFCs are transported downward along isopycnal
surfaces into the ocean interior.
The storage rate calculated using eMLR is similar to simulation results from the Community Earth System
Model (CESM) [Doney et al., 2009a, 2009b]. The storage rate from the CESM ranges from 10.21 to 10.43
with an average rate of 10.386 0.06 mol m22 yr21. The average storage rate calculated by the two meth-
ods agree within uncertainties and follow a similar latitudinal pattern with higher rates in the southern half
of the transect decreasing to lower rates in the northern half of the transect. The eMLR results show higher
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Figure 5. Change in column inventory of Canthro between 2001 and 2012
binned to 18 latitude resolution. The eMLR results (blue) are compared to
those estimated using a community ecosystem model (CESM) (red)
[Doney et al., 2009a, 2009b]. The residual between the two models is plot-
ted in yellow.
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degree of variation along the transect. The
overall agreement between these two differ-
ent methods suggests that the results from
the eMLR method are robust.
4. Discussion
4.1. Anthropogenic Carbon Storage Rates
Two other observational, DIC data-based
studies have estimated DCanthro near P17N.
Peng et al. [2003] used a MLR method at
30oN, 152oW and data from Geochemical
Ocean Section Study (GEOSECS) 1973 and
WOCE/JGOFS 1991 to estimate an average
rate of 1.36 0.5 mol C m22 yr21. Sabine et al.
[2008] estimated an average rate of 0.25 mol
m22 yr21 along the WOCE/CLIVAR P16N
transect (0–56oN, 152oW), west of P17N,
between 1991/1992 and 2006 based on an
eMLR method (Figure 6). The earlier estimate
by Peng et al. [2003] is likely to be an overestimate due to systematic biases in the GEOSECS DIC data [Quay
et al., 2007; Sabine and Tanhua, 2010].
Differences in the application of the eMLR may partially explain the differences in the estimated DCanthro
between P16 and P17. The P16 study [Sabine et al., 2008] was conducted on data from 1991/1992 and 2006
using a somewhat different eMLR approach. They ﬁrst calculated total DIC change (DCtotal) and carbon
change calculated from AOU (DCAOU) using separate eMLRs but with the same regression parameters:
potential temperature, salinity, silicate, and phosphate. Then they computed DCanthro by correcting the
DCtotal for DCAOU, assuming an organic matter C:O2 stoichiometry of 117/170 [Anderson and Sarmiento,
1994], where the AOU correction reduces the DCtotal substantially, by up to 80%. Sabine et al. [2008] argue
that the DAOU patterns primarily reﬂect variations in circulation rather than export, but to some extent any
resulting changes in remineralized carbon in the subsurface should already be captured by the two eMLRs
through the variations of phosphate that contribute to both the AOU and total DIC regressions. Here we
used AOU as an eMLR regression parameter for the P17N DCanthro, in part because of the poor quality of the
phosphate data from NH1208. Therefore, a direct comparison to the Sabine et al. two-step eMLR approach
is not possible. Note, though, that the small-scale patterns in DAOU and DDIC (Figures 3b and 3c) are largely
removed from DCanthro (Figure 4a), suggesting that to some degree AOU trends are adequately captured in
our approach.
With these caveats in mind, Figure 6 shows a comparison from this study to the results from Sabine et al.
[2008] for P16N. At 508N, where the two transects are closest, there is similarity between the two storage
rates at 0.20 and 0.18 mol m22 yr21 for P17 and P16, respectively. As the transects separate, so do the esti-
mated storage rates, with the P17 storage rates increasing to 0.54 mol m22 yr21 at 33.5oN, while for P16 the
rate is 0.34 mol m22 yr21. Given the uncertainty associated with P16 and P17 calculations of 0.2 and
0.12 mol m22 yr21, respectively, these differences are likely not statistically signiﬁcant. Future studies could
delve deeper into these technique driven differences. Besides methodological reasons that could cause
these differences, P17 is further east than P16 by 2–178 in longitude and is subject to slightly different cur-
rents and water masses. Comparing these rates to those in the Northwest Paciﬁc, average storage rates are
reported as 0.46 0.1 – 0.56 0.2 mol m22 yr21 [Murata et al., 2009; Wakita et al., 2013], which are not signiﬁ-
cantly different from the P16N and P17N values [Sabine et al., 2002, 2008]. Further observation and analysis
are needed to fully understand the spatial distribution of DCanthro across the Paciﬁc.
Estimated Canthro storage rates in the Paciﬁc are lower than the rates at similar latitudes in the North Atlan-
tic. North Atlantic storage rates ranging from 0.6 to 2.2 mol m22 yr21 are consistent with the higher cumula-
tive Canthro inventory for the basin [Friis et al., 2005; Quay et al., 2007; Sabine and Tanhua, 2010; Tanhua
et al., 2007]. The average storage rate across P17N of 0.416 0.12 mol m22 yr21 agrees within uncertainty to
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Figure 6. Comparison of the DCanthro storage rates between the P17N
transect (2001–2012) and the P16 transect (1991/1992–2006) [Sabine
et al., 2008].
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0.636 0.16 mol m22 yr21 estimated from Quay et al. [2007] for the entire North Atlantic. However, taking a
closer look at speciﬁc latitudes that overlap with our P17N transect, the P17N storage rate is signiﬁcantly
lower than 1.26 0.3 and 2.26 0.7 mol m22 yr21, found in the Atlantic at 20–40oN and 40–65oN, respectively
[Friis et al., 2005; Tanhua et al., 2007]. The high inventory and storage rate are mainly the result of deep-
water formation in the North Atlantic, which drives the transport of Canthro into the ocean interior [Khatiwala
et al., 2013; Mikaloff Fletcher et al., 2006]. With no deep-water formation and upwelling in the Northeast
Paciﬁc, Canthro penetration and accumulation is limited.
4.2. Anthropogenic CO2 Effects on Carbonate Chemistry
Since the beginning of the industrial era, atmospheric CO2 has increased from 280 ppm to over 400 ppm
(http://www.esrl.noaa.gov/gmd/ccgg/trends/weekly.html). By 2100, atmospheric CO2 levels are projected to
reach near 1000 ppm under a business-as-usual scenario [IPCC, 2014]. This could lead to irreversible dam-
age to Earth’s marine ecosystems through a myriad of effects, which can be partially gauged by monitoring
of the rate of ocean acidiﬁcation and the shoaling rate of the aragonite saturation horizon (Xa5 1).
To evaluate the effect of the increase in Canthro on the carbonate system of this region, the results from the
eMLR were used to calculate changes in pH (DpH) and aragonite saturation state (DXa) as a result of
DCanthro. pH and Xa were ﬁrst calculated for 2012, using measured DIC and TA. To calculate pH and Xa for
2001, an expected 2001 DIC value was obtained by subtracting eMLR-calculated DCanthro from the 2012 DIC
value. This expected DIC was then used with the 2012 TA value to calculate expected pH and Xa. It is
assumed that any TA change between the 2001 and 2012 is due to natural variability, therefore, using TA
from 2012 for 2001 calculations should remove natural variability of TA and the change in pH and Xa
between 2001 and 2012 would be solely due to increase in Canthro.
The decadal change in pH (DpH, Figure 7a) or the ocean acidiﬁcation rate in this region has similar patterns
to the DCanthro, as DCanthro is the sole driving force for the ocean acidiﬁcation rate calculated here. The esti-
mated pH decrease can be translated to an acidiﬁcation rate of 0.0008–0.004 pH units yr21 in the upper
100 m, with an average rate of 0.0026 0.0009 pH units per year. Such rates are slightly higher than the
Figure 7. Latitudinal distribution of change in (a) pH and (b) aragonite saturation state due to DCanthro along the P17 transect between
2001 and 2012 with potential density contour lines.
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rates of 0.00166 0.0001 – 0.00186 0.0001 pH units per year estimated for HOT, Station ALOHA, and P16N
in the North Paciﬁc [Bates et al., 2014; Byrne et al., 2010; Dore et al., 2009; Takahashi et al., 2014]. Ocean acid-
iﬁcation in the Northwest Paciﬁc has been estimated to occur at a rate of 0.00156 0.0005 – 0.0026 0.0007
units per year [Ishii et al., 2011; Midorikawa et al., 2010]. These differences in ocean acidiﬁcation rates are
consistent with those differences in DCanthro previously described.
The distribution of DXa also follows the pattern of ocean acidiﬁcation rates (Figure 7). The decrease of Xa
due to increases in Canthro has resulted in a shoaling of the aragonite saturation horizon (Xa5 1) by 10 –
35 m with an average of 19.6 m over 11 years, or 1.86 0.4 m yr21. At 50oN, Xa5 1 is near 125 m, the
shallowest depth over the transect. At this rate, the entire water column in the northern part of the P17N
will become undersaturated in 50–90 years. The mean rate of shoaling in this region agrees, within uncer-
tainties, with those reported by Feely et al. [2012] for P16N at 0.816 0.71 m yr21 and P16S at 2.016 0.80 m
yr21. The change in saturation state at P17N translates to a decrease of 20.406 0.07% yr21 at 100 m, which
is less than 21.246 0.29% yr21 reported at 100 m for the Northeast Paciﬁc region by Jiang et al. [2015].
However, the P17N rate is faster than 20.276 0.03 to 20.286 0.04% yr21 previously reported for the HOT
and ALOHA, and agrees within uncertainty to 0.346 0.04% yr21 at P16N [Bates et al., 2014; Dore et al., 2009;
Feely et al., 2012; Takahashi et al., 2014]. Comparing to the North Atlantic, where acidiﬁcation rates range
from 0.00176 0.0001 to 0.00206 0.0004 pH units yr21 and decreases in aragonite saturation state from
0.266 0.02 to 0.346 0.07% yr21, this study suggests that P17N is among the most sensitive regions to
ocean acidiﬁcation in terms of high rates of pH decrease and fast shoaling of the aragonite saturation
horizon.
5. Conclusions
The data from a 2012 cruise along P17N show signiﬁcant changes in salinity, AOU, and DIC, relative to a
2001 CLIVAR occupation of the transect, which primarily reﬂect changes in circulation but also reveal deoxy-
genation and invasion of anthropogenic carbon dioxide in the water column of the Northeast Paciﬁc. An
extended multiple linear regression was used to estimate an increase of 7–11 mmol kg21 anthropogenic
CO2 concentration in surface waters with a strong northward increase near the surface. The penetration
depth of Canthro decreases northward from 600 m at 33.5
oN to 300 m at 50oN. As a result, Canthro storage
rates up to 0.55 mol m22 yr21 were found in the southern portion of the transect, which decrease gradually
to 0.20 mol m22 yr21 at the northern part of the transect with an average of 0.416 0.12 mol m22 yr21. The
increase in anthropogenic CO2 in the Northeast Paciﬁc resulted in a mean acidiﬁcation rate of
20.0026 0.0009 pH units yr21 and a mean shoaling of the aragonite saturation horizon of 1.86 0.4 m yr21.
These rates may be slightly higher than other estimates of anthropogenic carbon storage, acidiﬁcation and
shoaling rates in the Paciﬁc. The Northeast Paciﬁc is considered the end of the ocean conveyor belt. Waters
found here are old, and have high DIC content and high Revelle Factors, or low buffering capacity. This
causes the aragonite saturation horizon to be already quite shallow (near 125 m) compared to other regions
of the ocean. As such, the Northeast Paciﬁc is among the most sensitive regions to changes in carbonate
chemistry under ocean acidiﬁcation. Even though this region may not be known for its strong uptake of
anthropogenic carbon, it still has the potential to store a signiﬁcant amount. This study has shown that the
Canthro storage in the region is still increasing and that it is important to continue to monitor such changes
in this region to understand its variability across time and space as well as the potential biological and eco-
system impacts of rising CO2.
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